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Three-dimensional § velocity of the mantle in the
Africa-Eurasia plate boundary region from phase
arrival times and regional waveforms
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[11 A new model of the three-dimensional shear velocity structure of the Africa-Eurasia
plate boundary is presented. The new model is derived by jointly inverting different types
of seismic data. The two main sources of information are regional waveforms and
teleseismic S wave arrival times. We show that it is possible to find a model that fit the
different data types nearly as well as when inverting solely one type of data. The main
improvement in resolving power is achieved between depths of 300 and 700 km,
though the improvements are not limited to this depth range. Our model reflects the
complicated evolution of this plate boundary area. The transition zone is dominated by
high-velocity anomalies which we infer to represent a mix of lithosphere that subducted
relatively recently or is not sufficiently cold and dense to traverse the 660-km
discontinuity. The only low-velocity zone in the transition zone is beneath the lonian Sea.
The high-velocity Hellenic slab is continuous throughout the upper mantle and into the

lower mantle to about 1200 km, most likely representing subducted Neo-Tethys
lithosphere. The uppermost mantle is dominated by low velocities, consistent with the
high level of tectonic activity. Low-velocity regions are relatively strong beneath the Mid-
Atlantic Ridge, Turkey, and the Dead Sea region. The region’s current lithosphere is relatively
thin, except beneath the Adriatic and Ionian seas and the easternmost Atlantic Ocean.
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1. Introduction

[2] The plate boundary zone between Africa and Eurasia
is characterized by many branches of high seismicity and
deformation. The European mainland part of the of the plate
boundary region is heavily instrumented with broadband
seismic stations, capable of monitoring seismicity, tectonics,
and deep structure. Broadband station coverage in Africa
and the Azores is growing and temporary deployments of
portable broadband stations have much enhanced this mon-
itoring ability. Here we use a unique data set of broadband
seismograms, augmented with teleseismic S wave arrival
times, from the Eurasia-Africa plate boundary region to
image the mantle beneath the plate boundary region. Our
images are expected to be an improvement upon previous
tomographic images for this region because of the enhanced
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data coverage and combination of different seismic data
types with complementary resolving power.

1.1. Tectonic Background

[3] A topographic map (Figure 1) readily shows the large
number of apparently scattered mountain belts and basins,
and the spatially rapid transitions between them. The map is
one piece of evidence of the complex tectonic history of the
Mediterranean region. Large scale convergence cooperates
with smaller zones of extension, and some strike-slip
behavior. Below we briefly describe the key features of its
evolution, for a more detailed overview the reader is
referred to Dercourt et al. [1986], Dewey et al. [1989],
and Stampfli and Borel [2004].

[4] Figure 1 also shows the main tectonic features. In the
west, the plate boundary between Eurasia and Africa starts
at the Azores triple junction. Eastward, it ends where the
Eurasian plate meets the Anatolian plate and where the
African plate borders the Arabian plate at the Dead Sea
transform fault.

[5] The break up of Pangea in the Jurassic led to rifting
and formation of new lithosphere (central Atlantic, Alpine-
Tethys and other smaller oceans). The separation of Africa
and Eurasia peaks in the Cretaceous (130 Ma) and after a
translation phase, Africa-Eurasia convergence starts at
around 85 Ma, although subduction of the new, Jurassic
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Topographic map and main tectonic features of the Mediterranean region. TS, Tyrrehenian

Sea; Din, Dinarides; Cal, Calabrian Arc; Hel, Hellenic arc; App, Appenines; Mag, Maghrebides; AegS,
Aegean Sea; DST, Dead Sea Transform; Pyr, Pyrenees; APB, Algero-Provencal Basin; Alp, Alps;
Atl, Atlas; BS, Black Sea; Car, Carpathians; Azo, Azores; Pan, Pannonian Basin; AS, Alboran Sea;
Vra, Vrancea; MC, Massif Central; S, Sardinia; Ana, Anatolia; Hn, Hellenides.

oceanic lithosphere had already been initiated during the
extensional stages. This convergence between Africa and
Eurasia has been the main stimulus for the last 85 m.y. The
shortening was accompanied by oceanic lithosphere sub-
ducting into the mantle and mountain belts such as the Alps
were formed.

[6] In the western Mediterranean, the northward directed
subduction of the Ligurian Ocean (part of the Alpine-
Tethys) beneath the east coast of Spain led to trench roll-
back, rapid extension, microplate rotation and drift and
resulted in the formation of the Western Mediterranean
Basins, the Alboran Sea, Liguro-Provencal basin and the
Tyrrhenian Sea (Figure 1). At the same time extensional
tectonics were also present further to the east, namely the
Aegean Sea and the Pannonian basin. The common onset of
extension in various smaller-scale domains around 30 Ma
might be related to a slow down of absolute African plate
motion [Jolivet and Faccenna, 2000]. At the surface,
Mesozoic oceanic lithosphere has been preserved only in
the Tonian Sea, which represents the last remnant of the
once large Neo-Tethys ocean.

[7] Present-day active subduction has been imaged by
seismic tomography for the Hellenic arc and the Calabrian
arc [Spakman et al., 1993]. In case of the Calabrian
subduction zone, a well defined, albeit narrow, Wadati-
Benioff zone is present down to about 500 km [Selvaggi
and Chiarabba, 1995], a unique feature in the Mediterra-
nean. The deepest (650 km) seismicity in the Mediterranean
region is observed below southeastern Spain [Buforn et al.,
2004].

1.2. Three-Dimensional Structure of the Mantle

[8] The heterogeneous three-dimensional (3-D) structure
of seismic velocity in the Mediterranean upper mantle
characterizes causes and consequences of the complex
tectonic history of the region. The velocity structure has
been imaged with seismic tomography.

[v] Numerous models on various scales exist for the
extended Mediterranean plate boundary region, which are
based on the arrival times of P waves. Local models (using

regional and/or teleseismic arrivals) cover small parts of the
region (such as Calvert et al. [2000] or Lippitsch et al.
[2003]). Regional P models include that from Spakman et al.
[1993] or Piromallo and Morelli [2003]. The global P model
of Bijwaard et al. [1998] also offers good resolution in the
Mediterranean region owing to their use of regionally
appropriate grid spacings.

[10] In contrast to these compressional velocity models,
models of the shear velocity structure are mostly based on
the inversion of data gained from analyses of surface waves.
Phase or group velocity maps for example were obtained by
Panza et al. [1980] or more recently Pasyanos and Walter
[2002]. The model of Marone et al. [2004] (model EAV03)
was derived using the partitioned waveform inversion
(PWI) method [Nolet, 1990; van der Lee and Nolet,
1997], which uses surface waves in combination with
regional S waves. Regional S models based on arrival times
of body waves are shown by Zielhuis [1992] and Bijwaard
[1999].

[11] This paper presents a new 3-D .S velocity model for
the Eurasia-Africa plate boundary region. We combine the
regional waveform data set of Marone et al. [2004] with
teleseismic body wave arrival times and external constraints
on crustal thickness. From the joint usage of teleseismic
arrival times and regional waveforms we derive better
resolution because we simultaneously exploit their individ-
ual advantages. Teleseismic body wave arrival times and
waveforms of regional S and surface waves have highly
complementary resolving power. The body waves allow us
(1) to image down to a depth of 1400 km, (2) to obtain
excellent lateral resolution near stations arrays, and (3) to
image small-scale features, while the regional S and surface
waves allow us (1) to obtain good depth resolution, partic-
ularly in the uppermost mantle, (2) to image the upper
mantle between station arrays and hypocenter populations,
and (3) to constrain absolute rather than relative velocity
variations. Variations on this approach have been success-
fully used on a more global scale [Ritsema et al., 1999;
Dziewonski et al., 1975] and more local scale [West et al.,
2004]. We choose the Mediterranean region for application
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Figure 2. Venn diagram for the model space. R, 7, and
M, are the sets for all possible models that predict
acceptable fits to the regional waveforms, the traveltimes,
or the Moho constraints, respectively. R, T, and M, are
typical examples of preferred models that might result from
inverting any of these data sets alone. Typically, such
models do not naturally fit all other data sets. In a joint
inversion, we only search for acceptable models in the
hatched region, which represents the intersection of the
three sets, R N 7 N M. The hatched region contains all
possible models that predict acceptable fits to each of the
three data sets. Model A in the hatched region is a typical
result of a joint inversion, such as that presented in this

paper.

of our new joint inversion because it has been well studied.
Our approach unifies some structural features in the Med-
iterranean mantle from different models into one model,
simultaneously narrowing the range of possible models for
this region (Figure 2). This approach better constrains these
structures and shows only their characteristics that are
consistent with both data sets. We then proceed to interpret
our model in the context of recent literature on the tectonic
history of the region.

2. Method

[12] Both body wave traveltimes and regional waveform
fits are generally cast as linear constraints on seismic
velocity (or slowness) of the Earth’s interior. We combine
these constraints into a single set of linear equations, which
we aim to solve for the velocity structure of the mantle
beneath the Mediterranean region.

[13] For regional waveform fitting, we use the method of
partitioned waveform inversion (PWI) [Nolet, 1990]. The
first part of PWI is a nonlinear waveform fitting procedure,
where one finds for a number of recordings the 1-D models
that best fit the observed waveforms with synthetic seismo-
grams. In the second step the linear constraints on path-
averaged velocity structure yielded by the waveform fitting
are combined from many seismogram fits and solved for a
3-D velocity model. This second step can be written as

(AS\V)m — dSW (1)
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where A" relates the model vector m to a data vector d"".
Details on equation (1) are given by Nolet [1990] and van
der Lee and Nolet [1997]. Model m contains perturbations
of the 3-D velocity field, Av, as well as perturbations in
Moho depth, Ah. The role of Moho depth in modeling
waveforms was incorporated into the PWI by Das and Nolet
[1995].

[14] The traveltime equation has second-order terms
equal to zero according to Fermat’s principle. Ignoring
third- and higher-order terms, the traveltime equation is
given by

6t%7/ Loy 2)
Loy

Vo Vo

where 0t is the time delay accumulated along the
unperturbed raypath L, with velocity perturbations év. vg
is the velocity of the background model. In discrete form
equation (2) for the ith observation can be written as

At; = AP Ay, + AxVE; + Ae; + A7 Ahy, (3)

where matrix elements Ag”v” contain the numerically
determined partial derivatives with respect to velocity of
the ith delay time A ¢, to the velocity v;, of the j,th model
node and A7), contain the delay time derivatives to the
Moho perturbation A#;, of the j,,th node The velocity and
Moho depth of the model are consecutive elements of the
model vector where 1 <j, < N,and N, +1 </, <N,+N,,
and N, and N,, are the number of velocity nodes and Moho
nodes in the model, respectively. Because a teleseismic ray
rarely goes exactly through a Moho model node, up to three
Moho model nodes (the corners of the triangle in which the
ray intersects the Moho) are affected by the ray. Rays are
traced according to VanDecar [1991]. VE; are the partial
derivatives of the arrival times to the hypocentral location.
We also added the correction vector Ax; for the hypocenter
that produced the ith delay time and the origin time
correction term Ae; for the same earthquake. In pure
teleseismic traveltime inversions, one does not solve for
Moho perturbations due the large trade off with the station
term and the velocity heterogeneity. The combination of
traveltimes with regional waveforms, however, make Moho
depth a resolvable model parameter.

[15] Equation (3) also is a linear system of equations and
can be combined with equations (1), so that we obtain the
coupled system

Am=d (4)
or written out,
AP AN VE] [ Av dm
A AN 0 Ah | = |av (%)
0 AT 0 ||Ax ar

[16] Matrix A and A,, contain the partial derivatives of
the data to velocity and Moho depth perturbations, respec-
tively, and @ = At. The matrix AL and data vector @7
represent point constraints on Moho depth, incorporated
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Figure 3. One-dimensional reference models. MEAN is
the reference model used in this paper. It is identical to
the model used in EAV03 and identical to iasp91 below
210 km.

into the inversion as in the work by Das and Nolet [1998],
van der Lee et al. [2001a], and Marone et al. [2003]. These
point constraints are extracted from published results from
active source experiments, such as refraction lines, and
receiver function studies in our study region [Marone et
al., 2003]. In these constraints A% is derived from the
location of the study and d"f represents the results of the
study for Moho depth at that location. We scale the equations
by the reciprocal of the measurement error through a diagonal
data covariance matrix. We assume that the off-diagonal
elements of the data covariance matrix Cq4 are zero, which
is largely valid for the arrival times because we invert for
systematic factors such as earthquake mislocations, and for
the regional waveforms because we diagonalize the Hessian
matrix of the misfit function before defining the linear
equations in equation (1) [Nolet, 1990].

[17] We do not include the station term in equation (5)
because they represent shallow crustal structure, which is
included in estimates of average crustal velocities con-
strained by the regional waveforms. Data from waveforms
of regional body and surface waves complement traveltime
data of teleseismic body waves because the former waves
travel predominantly horizontally while the latter waves
travel predominantly vertically.

[18] The problem in equation (5) is simultaneously over-
determined and underdetermined, because of the nonuni-
form coverage of the model by the data. Because of the
underdetermined part, we need to add additional a priori
constraints on the solution. We apply norm damping and
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first derivative damping [Constable et al., 1987; VanDecar,
1991], so that the regularization operator is given by

R =

al
AiFn } (6)
AVFV

where I is the identity matrix, Fy, and F, are the flattening
operator in the horizontal and vertical directions, respec-
tively, and v and A are weights. Note that we use different
weights in the horizontal and vertical direction. A similar
operator is used for the Moho perturbations, obviously
without vertical flattening.

[19] We solve equation (4) using conjugate gradients
[Scales, 1987; VanDecar, 1991].

3. Model Parameterization

[20] We define seismic velocity and Moho depth through
trilinear and bilinear, respectively, interpolation between
nodes n a grid. The grid consists of spherical shells at
various depths, with internode distance increasing with
depth from 50 km in the uppermost mantle to 200 km in
the lower mantle. The grid points within each shell are
derived through triangular tessellation as described by Wang
and Dahlen [1995] and used by van der Lee and Nolet
[1997] for parameterizing Moho depth. The horizontal grid
spacing is approximately 75 km. The center of the grid is at
34°N/14°E and extents from here approximately 40° in all
directions. In depth, the grid reaches down to the core-
mantle boundary. This results in about 340000 (10636-32)
nodes containing unknown velocity perturbations. An
additional number of unknowns arises from the Moho
perturbations. These were discretized on the same lateral
grid, so that the number of unknowns amounts in total to
350000. However, only about 60% of these are sensed
by our data, yielding 207015 the effective number of
unknowns. The spatial extent of the grid outreaches the
parts where we expect to achieve good resolution. By
choosing such a large grid we try to minimize the mapping
of external structure into the regions of interest.

[21] We use a 1-D background model called “MEAN”
(Figure 3), which is iasp91 [Kennett and Engdahl, 1991]
modified to thinner crust and lower velocities in the
uppermost mantle to reflect regionally averaged structure
for the Eurasia-Africa plate boundary region [Marone et al.,
2003]. The model was used as background model for 3-D
model EAV03 [Marone et al., 2004].

4. Data

[22] We used seismograms from earthquakes worldwide
and stations in the Eurasia-Africa plate boundary region.
Permanent stations are from MedNet [Boschi et al., 1991],
Geofon [Hanka and Kind, 1994], Geoscope [Romanowicz et
al., 1984], and national agencies (Swiss National Network
[Baer, 1990], Universita di Trieste, RENaSS, TGRS, GRSN,
GRF, Universitit Stuttgart, GII, Universitat de Barcelona,
Universidad Autonoma de Madrid, Institute Andaluz, Czech
National Seismological Network, NARS, GI_Budapest and
Blacknest).
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Figure 4. Map of surface wave raypaths. Circles give location of stations, and the triangles show the

earthquake location.

[23] Additional seismogram data were collected from
temporary broadband seismic experiments, including Geofon
and in particular MIDSEA [van der Lee et al., 2001b].
MIDSEA was designed to improve imaging resolution in
the Eurasia-Africa plate boundary region and consequently
includes broadband stations from Mediterranean islands,
northern Africa, and the Azores. This wealth of new data
from unique locations combined with our novel joint
tomographic approach yields a significantly sharper tomo-
graphic S velocity model for the region than heretofore
possible.

4.1. Surface Wave Data

[24] We used the regional waveform data from Marone et
al. [2004]. This data set consists of waveform fits for the
fundamental and higher mode surface waves for 1136
seismograms, resulting in a total of 8714 surface wave
constraints. Figure 4 shows the surface wave raypath
coverage along with the stations where seismograms were
recorded. The median path length is around 15° [Marone et
al., 2003] and body waves with paths that bottom in the
lower mantle were not used to avoid the regime where 1-D
sensitivity kernels are no longer a fair approximation to the
laterally varying sensitivity of body waves.

4.2. Body Wave Data

[25] We use arrival time data from two different sources.
We correct both traveltime data sets for topography before
inversion.

[26] First we use relative arrival times of teleseismic
S waves (distance range 30°-90°) that were measured in
broadband seismograms [Schmid et al., 2004] using the
multi channel cross correlation method [VanDecar and
Crosson, 1990]. These broadband seismograms are from
the temporary MIDSEA array [van der Lee et al., 2001b]
and the permanent Geofon [Hanka and Kind, 1994] and
MedNet [Boschi et al., 1991] networks. A station map is
shown in Figure 5. The delays were measured on the
transverse component. This analysis produced 3000+
high-quality relative S arrivals in total. Even though the
formal error, as determined by the cross correlation, can be
as low as a tenth of a second, we use an uncertainty of at
least 0.3 s when weighting the data during inversion.

[27] A second data set consists of the reprocessed
[Engdahl et al., 1998; E. R. Engdahl, personal communi-
cation, 2004] S arrival time data of the ISC for the years
1964—-2002. From this global data set we extracted S arrival
times at stations in the larger Mediterranean region (Figure 5)
that have a reported arrival time precision of 1 s or less. We
used an upper distance limit of 80° in order to omit
difficulties with the SKS phase crossing at ~83°. The lower
limit is at 20°. This set provides around 30000 arrival times,
which is significantly more than those we measured inter-
actively by cross correlation. However, this ISC data set is
inferior in quality, since the arrivals were picked on onset,
which is often emergent, by multiple operators on individual
seismograms, and thus also lacking consistent error esti-

I
10°

Figure 5. Map of stations used with body arrival time data. Circles give stations for which we extracted
absolute delays from the reprocessed [Engdahl et al., 1998] catalog of the International Seismological
Centre (ISC), and the triangles represent stations with high-quality relative delays obtained using cross

correlation.
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Figure 6. Body wave raypaths. Raypaths inside 1° from
the vertical profile plane were projected onto that plane.
Note the absence of raypaths in the upper mantle beneath
the seas.

mates. Réhm et al. [2000] identified many outliers and
systematic errors in this data set. Therefore we presume
each arrival time to have an uncertainty of 1.0 s or more.

[28] Although the amount of combined body wave
traveltime data is relatively large, their wave path coverage
is not ideal. First, even though the MIDSEA stations prove
to be a very valuable addition for the southern part of the
Mediterranean region, the station coverage here remained
sparser than on the European mainland to the north.
Secondly, the obvious presence of the Mediterranean sea
made a homogenous station coverage impossible. Therefore
in the upper 300 km, there is a relative lack of crossing body
wave paths or even no paths at all in some places, as
illustrated by Figure 6. Figure 6 further shows that the best
crossing raypath coverage for this region occurs roughly
between 700 and 1300 km in depth. Consequently, we
expect the best body wave resolving power at these depths,
which perfectly complements the resolving power for the
upper mantle provided by the regional waveform fits of
Marone et al. [2004].

4.3. Moho Constraints

[20] To additionally constrain the crustal thickness we use
data from three different sources: receiver function studies,
seismic refraction profiles and gravity studies. These data
give information on crustal thickness at specific points. We
use different uncertainties depending on the type of data.
Full details of these data, including references, are given by
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Marone et al. [2003]. In this study we additionally use data
from the receiver function study of Diehl [2003].

5. Resolution Analysis

[30] Because of the large size and the underdetermined
part of our inversion problem, a quantitative estimate of the
error in the tomographic model is not feasible. To give some
estimate of the reliability of the final model, we rely on
resolution tests. We calculate a synthetic data vector dg by
multiplying matrix A of equation (4) with a synthetic model
vector my. After the addition of noise, we invert d, to obtain
arecovered model m,, which would be identical to my in the
ideal case.

[31] Figure 7 shows the outcome for a synthetic model
with a harmonic input structure. Figure 7 illustrates resolv-
ing power for the teleseismic traveltimes and regional
waveforms separately as well as combined. Results of tests
with realistic geodynamic features are shown in section 6. It
is evident (Figure 7) that the regional waveforms have
excellent sensitivity to uppermost mantle, but with increas-
ing depth, the resolving power decreases. The opposite is
true for the arrival time data. Recovered shallow anomalies
are either smeared in the radial direction owing to the
vertical incidence or completely absent when there are no
stations at the surface such as is the case beneath the
sparsely covered African coast or the Mediterranean Sea.
However, starting at around 300 km, the input features
become well resolved and only when going deeper than
about 1300 km the resolution decreases and anomalies
smear. The gain in using a joint inversion is not only that
structure is continuously well recovered from the shallow
parts down to 1300 km, but we also achieve better resolu-
tion for the parts that more than one of the data sets are
sensitive to, such as the transition zone. The lower mantle is
better resolved in the joint inversion than with teleseismic
arrival times alone because the regional waveforms help the
arrival times to separate the effects of upper mantle structure
from those of lower mantle structure.

6. Results

[32] An important assumption we made in section 5 is
that body wave delay times and regional waveform misfits
are caused by the same 3-D structure rather than different
structures in different locations or at different scales. This
assumption may not be entirely valid because of the
difference in frequency content and associated Fresnel zone
size between the data sets. High-frequency traveltimes (such
as many in the ISC catalogue) might be most sensitive to
small-scale structure while longer-period regional wave-
forms would be sensitive to larger-scale structures. Never-
theless, ISC traveltime inversions show fairly smooth,
continuous large-scale structures, such as subducting slabs
[Spakman et al., 1993; van der Lee, 1990], of similar size
as structures sensed and imaged by regional waveforms
[Zielhuis and Nolet, 1994]. If these large-scale structures
imaged by high-frequency traveltimes are the result of
spatial aliasing, the arrival times should strongly depend
on frequency. However, Schmid et al. [2004] demonstrated
that the frequency dependence of body wave delay times
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Figure 7. Results of a harmonic test for depths of 100, 300, 500, 700, 1000, and 1400 km. (a) Input model, (b) regional

waveforms, (c) S arrival times, and (d) joint inversion.
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Figure 8. Horizontal slices at upper mantle depths (150, 300 and 500 km) of the preferred models based
(a) solely on S arrival times, (b) solely on regional waveforms, or (c) on both data sets.
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Figure 9. Horizontal slices at lower mantle depths (700, 1000 and 1400 km) of the preferred models.
(a) S arrival times and (b) joint inversion.
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only partly follows the systematic expected from structural
anomalies smaller than a couple of hundred km and that part
is small. This is encouraging in that it suggests that tele-
seismic delay times and regional waveforms may indeed be
largely explained by the same 3-D structure. Our joint
inversion further tests this hypothesis by investigating
whether one 3-D model can simultaneously explain both
data sets equally well as different models would explain the
different data sets independently. First we explore the
structural implications of each data set separately, then
jointly. This will be followed by a discussion of the features
of 3-D S velocity model obtained in the joint inversion and
the most important differences to the single data models.
Maps for the individual models are shown in Figures 8 and
9. The regional waveform data does not include waves with
turning points in the lower mantle and thus they have no
sensitivity to lower mantle structure. However, because the
regional waveforms constrain the upper mantle structure
well, upper and lower mantle structure can be better
separated (and resolved) in an inversion that includes the
waveforms as well as teleseismic delay times, which are
sensitive to both. Figure 10 gives an overview map for the
locations of all cross sections shown in Figures 11-15.

[33] The fast anomalies seen throughout the Mediterra-
nean boundary region are most straightforwardly interpreted
as temperature anomalies caused by subducted relatively
cold oceanic lithosphere. The observed ratio of delay time
of teleseismic S and P waves also suggests a predominantly
thermal origin for the delays [Schmid et al., 2004] and thus
for the anomalies imaged from their inversion.

6.1. Regional Waveform Inversions

[34] We inverted the same constraints on mantle structure
that Marone et al. [2004] used to construct 3-D S velocity
model EAVO03. They derived these constraints from fitting
the S and surface waveforms of regional seismograms. This
model has been analyzed extensively and the parameters
regularizing the inversion have been chosen to balance data
fit and model smoothness. However, our version of EAV03
(Figure 8b) looks slightly different from EAV03 [Marone et
al., 2004] because of differences in spatial parameterization
and in the implementation of regularization (see section 2).
Our model achieves the same variance reduction of 96% as
of EAV03 of Marone et al. [2004].
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Figure 10. Map indicating the location of the cross sections shown in Figures 11-15.
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[35] However, this model,derived from regional wave-
forms alone, does not explain the teleseismic delay times
well and analogously, a model derived from teleseismic
arrival times alone does not fit the regional waveform data
well. Because each of these tomographic inversions is partly
underdetermined there must exist other models that explain
the data equally well. A joint inversion leads us to such a
model, which simultaneously fits each data set virtually as
well as the aforementioned models.

[36] Figure 8b shows that the regional waveforms sensed
cold high-velocity material around 100 km depth, related to
subduction of the Adriatic Plate beneath Italy and of the
African Plate beneath the Aegean Sea and adjacent Greece
and Turkey. Cold high-velocity material is wide spread in
the transition zone (500 km), related to fragments of
subducted lithosphere subducted in the relatively recent
geologic past [Marone et al., 2004]. The regional wave-
forms further reveal the extensive presence of weak low-
velocity material, preferentially beneath the seas and ocean
but also beneath plateaus and sedimentary basins. A prom-
inent, isolated, vertically coherent low-velocity anomaly is
imaged in the deeper upper mantle beneath the Ionian Sea,
east of Sicily.

6.2. Body Wave Arrival Time Inversions

[37] Figures 8a and 9a show maps through our preferred
body wave model. We experimented with various amounts
of damping and flattening, the preferred model gives the
best trade-off between data fit and model roughness. The
variance reduction obtained is 97% for the high-quality
lower-quantity cross-correlated delay times and 70% for the
lower-quality large-quantity reprocessed ISC data set. In
both cases, the root mean square residual is still larger than
the measurement uncertainty. We also inverted for models
based only on one of the two body wave data sets and
obtained only slightly larger variance reductions with sim-
ilar models for the parts were resolution is good. This shows
that these data sets are fully compatible and enhances our
confidence in the imaged structure.

[38] The lower variance reduction obtained with the ISC
data is a result of the lesser quality of the ISC data. Therefore
we choose to use a robust inversion technique of iterative
residual downweighting [Huber, 1981; VanDecar, 1991] for
the ISC part of the data. After 2000 iterations of the
conjugate gradient equation solver, we weight down outliers
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Figure 11. Cross sections through the preferred models for
section al —b1 using (a) only phase arrival time, (b) only the
regional waveform data, (c) using both in a joint inversion,
(d) input for a joint resolution test, and (e) output of the joint
resolution test.

that are larger than 1.5 standard deviations. This step is
repeated 10 times. The factor by which we downweight is
chosen in a way that it has the effect of applying the L; norm
to calculate the total misfit. The variance reduction stated
above is the one achieved after the first 2000 iterations,
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before any downweighting is done. At that stage the variance
reduction of the cross correlated part of the data is already
close to the final one.

[39] The model resulting from the body wave arrival time
inversion (Figures 8a and 9a) has not been previously
published. We discuss it briefly here, before moving on to
the model from the joint inversion. Down to about 300 km,
several relatively fast anomalies have been imaged beneath

0° 5° 10° 150

-0.3 0.0 0.3
km/s

Figure 12. Same as Figure 11 for section a5—b5.
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Figure 13. Same as Figure 11 for section a3—b3.

southern Spain, northwestern Italy, the Aegean Sea and
north of Cyprus. These anomalies again relate to subducting
or subducted lithosphere. The anomalies continue into the
transition zone (500 km) where they become stronger and/or
more extensive. Penetration of subducting lithosphere into
the lower mantle (1000 km) is imaged only north of the
Aegean Sea and Turkey, confirming the earliest tomograph-
ic images of this phenomenon [Spakman et al., 1993].
These high-velocity anomalies are interpreted as relatively
cold subducted lithosphere from the Alpine Tethys and
Neotethys oceans, the latter still attached to surface litho-
sphere of the lonian Sea and Levantine Basin, subducting
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beneath the Calabria and Hellenic arcs, respectively. How-
ever, the high-velocity anomaly at 1000—1200 km beneath
the Ionian Sea is rather unrelated to Alpine- or Neotethyan
subduction. This lower mantle anomaly also appears in the
majority of global P velocity models but has not yet been
identified. Assuming that the lower mantle is not as effec-
tive in staying with tectonic plates moving across the
surface, the anomaly could result from subduction of the

a4 b4
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Figure 14. Same as Figure 11 for section a4—b4.
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Figure 15. Same as Figure 11 for section a5—b5.

Vardar Ocean in the late Cretaceous or the westernmost area
of the Paleothethys Ocean in the Triassic, when Europe and
Africa were located much further south from the present
latitudes [Stampfli and Borel, 2004]. The 2nd explanation is
less likely than the first, Vardar subduction, because of
thermal diffusion having had much less time to equilibrate
Vardar lithospheric temperatures than Paleothethys litho-
spheric temperatures.

6.3. Comparison Between the Two Single Data Set
Models

[40] The major difference between the two models
obtained from inverting a single data set is that the arrival
time model has much smaller anomaly amplitudes than the
regional waveform model. This amplitude difference is
mostly a result of teleseismic arrival times being insensitive
to the strong vertical variations in the uppermost mantle
sensed by the regional waveforms. The regional waveforms
image a rather layered structure with a high-velocity litho-
sphere over a very low velocity asthenosphere. At these
depths teleseismic raypaths are nearly vertical and essen-
tially record the sum of the layers’s effects on the traveltime,
which is much smaller than the effect of each individual
layer, yielding the rays practically insensitive to these
vertical variations.

[41] Additional factors that cause differences in tomo-
graphic images between the two data sets are differences in
the sensitivity kernels and in wave path coverage. The
sensitivity of high-frequency teleseismic body waves
stretches to the short-wavelength part of the structure
spectrum, while that of longer-period regional waveforms
stretches to the long-wavelength part of the spectrum.
Differences in wave path coverage of the mantle volume
are obvious for the lower mantle as seen by the waveform
data or beneath the shallow Atlantic in case of the phase
arrival data. In either case, the volumes are not sampled by
the data and thus nothing can be imaged there by the single
data set. Further differences occur where the mantle is
sampled only in one spatial direction, causing strong smear-
ing (see Figure 7).

[42] The two models also have features in common. For
example, the high-velocity anomaly related to relatively
cold African lithosphere subducting beneath the Hellenic
arc (Figure 14) has been imaged down to the lower mantle
by both data sets independently. For another example, both
data sets image the high velocities of the subducted northern
part of lithosphere of the Alpine Tethys (Figures 11 and 12).
As a last example, both the teleseismic arrival times and the
regional waveforms infer an important deep low-velocity
anomaly beneath the Ionian Sea (Figure 13), which is
somewhat smeared vertically by the arrival times and
confined to the transition zone by the regional waveforms.

6.4. Joint Model Inversions

[43] We tried different amounts of weighting each data set
in order to find the best fit to both data sets. Figure 16
shows the trade-off curve for fitting both sets of data while
keeping model roughness on the same level. For Figure 16
we did not solve for station and earthquake terms, so that
variance reduction is achieved completely via velocity
perturbations. Weighting one set much stronger than the
other set results in a poor fit for the latter. Decreasing the
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Figure 16. Variance reduction as a function of the relative scaling between phase arrival time data and
the waveform data. Circles are for the waveform data, and the squares and diamonds denote the two

phase arrival sets.

weight of the first set while increasing the second set, results
in only a slightly poorer fit for the first one while the fit to
the second set is strongly improved. Repeating this step
several times we will eventually reach the situation where
the fit to first set will be significantly decreased while only a
slight improvement can be gained for the second set. We
can achieve satisfactory fits to both data sets if the tele-
seismic delay time data are weighted 0.6 to 0.9 times the
weight for the regional waveform data. The preferred model
was then obtained by optimizing the trade-off between
solution norm and model norm/roughness while employing
a weight ratio of 0.8, which means that we weight the
regional waveforms slightly more than the teleseismic delay
times. The delay times, however, intrinsically weigh in

heavily because of their larger number. The variance reduc-
tion for each of the data sets is about 1% lower than in the
single data set inversions. Thus we have found an alternate
model which is superior to the single data set models
because it can simultaneously fit two different data sets at
the expense of only a slight decrease in data fit. However,
earthquake parameters, when we invert for them, and some
structure imaged at the far edges of the model do account
for a minor portion of the variance reduction. In this joint
inversion we do not invert for station corrections given the
inclusion of crustal structure and thickness in the tomo-
graphic model and topographic corrections already applied
to the delay times.

depth [km]

Figure 17.

Map of Moho depth as determined from the joint inversion.
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[44] The preferred joint model is shown for several depth
sections in Figures 8c and 9b. In Figures 11-15 we show
sections through the joint model with resolution tests. The
updated map of Moho topography is shown in Figure 17. It
is basically identical to the one of Marone et al. [2003], and
the interpretations given there remain valid. Although the
Moho map is mostly, but not everywhere, consistent with
the assumption of isostasy, as demonstrated by Marone et
al. [2003], it is superior to maps derived from isostasy
considerations alone [Jiménez-Munt et al., 2003] because it
is constrained by more direct measurements of Moho depth.
6.4.1. Shallow Upper Mantle

[45] At shallow depths, the imaged structure is dominated
by the regional waveform data. Consequently, many of our
interpretations for the shallow mantle confirm those of
Marone et al. [2004]. Beneath Europe, around 150 km,
high velocities are imaged below the southern Alps, the
Apennines, and southern Greece, including Crete and the
Aegean Sea, related to subducted lithosphere still attached
to lithosphere at the surface of the Adriatic and African
Plates. The high-velocity lithosphere of the Adriatic Plate
appears to dip southwestward beneath Italy, reaching pro-
gressively deeper from south to north along the Apennines.
Beneath the northern Apennines the Adriatic lithosphere
reaches a maximum depth of 250 km. Further north, just
south of the western Alps, deeper high-velocity structures
can be found but we deem it more plausible that these are
related to subducted lithosphere form the Alpine Tethys
Ocean. The high-velocity body between 150 and 300 km
beneath the Tyrrhenian Sea is either interpreted as sub-
ducted lithosphere from the Ionian Sea or from the Adriatic
Sea. If the latter, this piece has detached from the Adriatic
lithosphere presently at the surface Wortel and Spakman
[2000]. While it is tempting to interpret this piece as solely
due to subduction of the Ionian Sea lithosphere, its geom-
etry not aligning perfectly with the deep Wadati-Benioff
zone suggests that part of this anomaly could be detached
Adriatic lithosphere. In neither interpretation does the
Adriatic lithosphere penetrate deep into the upper mantle.
The inferred continuity of the Calabrian slab from the trench
to the transition zone beneath Sardinia and the Algero-
Provencal Basin is rather based on the Wadato-Benioff zone
than on our tomographic model, which suggests no such
continuity. A smaller high-velocity body is particularly
strong between 200 and 300 km beneath the Vrancea region
and coincides with the zone of intermediate-depth earth-
quakes there (Figure 14). The top 100 km of the Vrancea
region show extremely low velocities.

[46] The remainder of the region is dominated by low
velocities that are strongest and shallowest beneath south
central and southeastern Europe, Turkey and the middle
East, and Algeria. The eastern Atlantic Ocean shows high
velocities down to about 90 km on average. A region of old
ocean floor about 500 km in diameter and centered near the
Josephie Seamount off southern Portugal, as well as the Bay
of Biscay are underlain by a thicker high-velocity litho-
sphere, reaching slightly deeper than 100 km. The high-
velocity lithosphere beneath the Azores and Mid-Atlantic
Ridge appears to be significantly thinner and low astheno-
spheric velocities appear at shallower depths. At about
150 km the whole eastern Atlantic Ocean shows low
asthenospheric velocities. This lithosphere-asthenosphere
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structure is typical for oceans [Nishimura and Forsyth,
1989] and matches well with cooling models. Structures
more than 200 km below the Atlantic Ocean are not
resolved because of the low level of higher mode excitation
by the shallow and moderate-magnitude Mid-Atlantic Ridge
earthquakes.

[47] Patches of Atlantic lithosphere style high-velocity
structures have also been imaged in the western Mediterra-
nean basins (Algero-Provencal basin, Tyrhennian Sea), the
Ionian Sea, and the westernmost Black Sea. Beneath the
Ionian and Black Sea the velocities are stronger an extend
deeper than beneath the Atlantic while beneath the western
Mediterranean they are not nearly as deep as beneath the
Atlantic. An interpretation as oceanic lithosphere agrees
with the relatively old and young age, respectively, of these
ocean basins as well as with the detection of basalts from
recent seafloor spreading in the Tyrrhenian Sea. The western
Mediterranean is underlain by widespread low velocities,
while the eastern Mediterranean has no such low-velocity
layer. This difference might indicate that potentially extended
African continental lithosphere could be underlying the
castern Mediterranecan Marone et al. [2004]. The thickest
lithosphere presently at the surface in the region is about
110 km thick beneath the Adriatic Sea.

6.4.2. Deep Upper Mantle

[48] The transition zone of the joint model is extensively
populated with high-velocity anomalies. The joint models
shows notably fast material beneath southernmost Spain,
Calabria, the southern Alps and the Hellenic arc, including
Cyprus. The fast features appear more consolidated in
comparison with the model derived from regional waveform
data and more complete in comparison with the model
derived from traveltimes.

[49] The transition zone, between 410 and 660 km, shows a
continuous belt of high velocities extending approximately
linearly from southern Spain and the Alboran Sea to the
eastern part of the Alps. Beneath the Alboran Sea the
transition zone anomalies also are continued to shallower
depths in a similar fashion as below the Alps (Figures 11
and 12). This most likely represents subducted lithosphere
from the Alpine Tethys Ocean [Stampfli and Borel, 2004].
The NW-SE belt of high velocities in the eastern half of the
region also represents subducted lithosphere no longer
attached to present surface subduction, except in the south,
where African Plate lithosphere continues to subduct
beneath the Hellenic Arc, but not beneath Cyprus, according
to our tomography.

[50] Our images of the S velocity heterogeneity at tran-
sition zone depths resemble those of P velocity anomalies
(Bijwaard et al. [1998], Piromallo and Morelli [2003]). The
correlation between P and S anomalies confirms that much
of the observed velocity anomalies, in particular the high-
velocity ones, are likely caused by thermal anomalies.

[51] An isolated, though likely smeared to the SW, low-
velocity anomaly has been imaged in the transition zone
beneath the Ionian Sea, east of Sicily. This anomaly is the
only low-velocity feature that persists to depths as deep as
the top of the lower mantle. Anomalies in this region are
relatively unresolved in previous studies because of a lack
of seismic data there. However, the expanded and unique
new data coverage provided by the MIDSEA stations [van
der Lee et al., 2001b] helped us resolve structure beneath
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the southern Mediterranean Sea. Coincidentally, Montelli et
al. [2004a, 2004b] imaged low P velocities deep beneath
the Ionian Sea by using finite frequency sensitivity kernels
when inverting P delays.
6.4.3. Lower Mantle Down to 1400 km

[52] Below the upper mantle our joint model still shows a
considerable distribution of high-velocity anomalies, though
concentrated in the eastern part of the region, where
considerably more oceanic lithosphere existed throughout
the geologic past than in the western part [Dercourt et al.,
1986; Stampfli and Borel, 2004] Most of these deep high-
velocity anomalies have no direct connection with litho-
sphere presently at the surface, except for the north dipping
Hellenic slab beneath Greece. The Hellenic slab appears
fairly continuous all the way from the Hellenic trench south
of Crete down into the lower mantle to about 1200 km,
consistent with the earliest images of this phenomenon
[Spakman et al., 1993]. The Hellenic slab (Figure 14) seems
to flatten slightly before it continues with a more vertical
dip in the lower mantle. The slab’s dip is more than
suggested by regional waveform inversions alone but less
than suggested by arrival time data alone. The high-velocity
anomaly of the Hellenic slab is stronger at 600 and 1000 km
than at 800 km. This phenomenon was originally thought to
be an artifact [Spakman et al., 1993] but persists in our better
resolved model and could reflect a mode of lower mantle
penetration that is rather discrete than continuous in time.

[53] In the case of the Calabrian subduction, the clear
presence of a Wadati-Benioff earthquake zone (Figure 13)
indicates the presence of a continuous slab down to 500 km,
but such a feature is only barely imaged in our model
(Figure 13). Ionian lithosphere subducting beneath the
Calabrian arc significantly flattens in the transition zone and
has no corresponding lower mantle component (Figure 13). If
the high-velocity anomaly in the transition zone beneath
Sardinia and the Algero-Provencal Basin represents Ionian
lithosphere, its relatively flat geometry and absence of high-
velocity material in the lower mantle suggests that the
lithosphere is too buoyant to penetrate into the lower mantle.

[s4] The high-velocity anomaly 1000—1200 km beneath
the Tonian Sea most likely represents subducted lithosphere
from the Vardar Ocean [Stampfli and Borel, 2004]. The
high-velocity anomaly deeper than 1200 km beneath Turkey
and the Black Sea most likely represents subducted litho-
sphere from the Neo-Tethys, as previously suggested by Van
der Voo et al. [1999].

7. Conclusions

[ss] We have presented a new S wave velocity model for
the Africa-Eurasia plate boundary region. The resolution for
this model is higher than previous S velocity models
inferred from body wave arrival times because we have
enhanced standard arrival time data sets with our own
measurements of relative arrival times at stations of the
MIDSEA and other broadband stations in the region. Our S
velocity model is superior to EAV03, which is inferred from
regional waveforms, because our model also explains arrival
times of teleseismic body waves and it covers a larger
volume of the mantle than regional waveform inversions
alone, with fair resolving power down to 1400 km. We find
that the teleseismic arrival times and regional waveforms
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are compatible data sets and predominantly sense, in dif-
ferent ways, the same mantle structures. We have shown
models exist that fit both data nearly as well as when
inverting the data individually.

[s6] Our model shows high-velocity lithosphere at shal-
low depths underlain by low-velocity asthenosphere in the
Atlantic Ocean, Ionian Sea, and the western Mediterranean
basins, confirming their oceanic nature. For the older
oceanic structures, the Ionian Sea and the eastern Atlantic
Ocean, we image a thicker lithosphere than for the younger
basins, the Algero-Provencal basin and the Tyrrhenian Sea.
The structure imaged beneath the eastern Mediterranean
basin does not resemble this typical oceanic lithosphere
over asthenosphere structure. However, its low elevation
and attachment to the long high-velocity most likely ocean
lithosphere of the Hellenic slab suggests that the eastern
Mediterranean basin rather represents a continental shelf
than a typical continental structure. Thus the eastern Med-
iterranean region might represent a natural laboratory for the
beginning of a continental collision.

[57] Between about 120 and 300 km the region, including
its continental parts, is dominated by low velocities inter-
spersed with high-velocity anomalies associated with sub-
duction of the African Plate at the Hellenic trench, Ionian
Sea lithosphere at the Calabrian trench, and Adriatic litho-
sphere beneath Italy. The Adriatic slab does not extend
deeper than 250 km and its southern portion appears
detached from the northern portion and from the Adriatic
lithosphere at the surface. Our model shows that slab
penetration into the lower mantle occurs only for the
Hellenic subduction zone in the eastern part of our study
region. The subducting lithosphere represents the western-
most pats of the Neo-Tethys Ocean, perhaps including the
Lycian and/or Pindos seas [Stampfli and Borel, 2004] and
persists with a strong high-velocity signature northward and
downward to about 1200 km. Indeed, the fact that lower
mantle penetration occurs shows that a relatively large plate
is/was subducting for a longer period of time, thus enabling
it to penetrate the 660 km.

[s8] This is not the case for the smaller Alpine Tethys
Ocean that subducted in the central and western Mediterra-
nean. This Ocean was of a relative young age and thus
might have lacked the persistence to subduct to lower
mantle depths and instead became deflected at the 660 km
discontinuity. However, the transition zone bears signatures
of most of these oceans and is thus dominated by high-
velocity anomalies. The only low-velocity anomaly in the
transition zone lies beneath the Ionian Sea and is underlain
by the lower mantle high-velocity anomaly that we interpret
as lithosphere of the subducted Vardar Ocean. Whether or
not this low-velocity anomaly is associated with Etna
volcanism, as suggested by Montelli et al. [2004b] cannot
be resolved with our tomographic model. Geochemical data
[Tanguy et al., 1997; Schiano et al., 2001] indeed require a
deeper plume type source for the Etna.
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